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ABSTRACT

A new double-moment bulk microphysics scheme predicting the number concentrations and mixing
ratios of four hydrometeor species (droplets, cloud ice, rain, snow) is described. New physically based
parameterizations are developed for simulating homogeneous and heterogeneous ice nucleation, droplet
activation, and the spectral index (width) of the droplet size spectra. Two versions of the scheme are
described: one for application in high-resolution cloud models and the other for simulating grid-scale
cloudiness in larger-scale models. The versions differ in their treatment of the supersaturation field and
droplet nucleation. For the high-resolution approach, droplet nucleation is calculated from Kohler theory
applied to a distribution of aerosol that activates at a given supersaturation. The resolved supersaturation
field and condensation/deposition rates are predicted using a semianalytic approximation to the three-phase
(vapor, ice, liquid) supersaturation equation. For the large-scale version of the scheme, it is assumed that
the supersaturation field is not resolved and thus droplet activation is parameterized as a function of the
vertical velocity and diabatic cooling rate. The vertical velocity includes a subgrid component that is
parameterized in terms of the eddy diffusivity and mixing length. Droplet condensation is calculated using
a quasi-steady, saturation adjustment approach. Evaporation/deposition onto the other water species is

given by nonsteady vapor diffusion allowing excess vapor density relative to ice saturation.

1. Introduction

The ability to accurately model cloud processes is of
primary importance in correctly simulating the state of
the atmosphere. Clouds exert a large influence on the
shortwave and longwave radiative transfer, act as con-
duits for the conversion of water vapor to precipitation,
and are an essential component of heat transfer
through the release of latent heat. With increased com-
putational ability, cloud and climate models are now
able to incorporate sophisticated microphysics param-
eterizations for simulating cloud formation and evolu-
tion. These microphysics parameterizations are gener-
ally divided into two categories: bin models that explic-
itly calculate the evolution of the particle size
distribution (e.g., Feingold et al. 1994; Khvorostyanov
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1995; Stevens et al. 1996; Harrington et al. 1999; Jiang et
al. 2001) and bulk models that represent the hydro-
meteor size with a distribution function (e.g., Lin et al.
1983; Rutledge and Hobbs 1983; Dudhia 1989; Ferrier
1994; Walko et al. 1995; Fowler et al. 1996; Meyers et al.
1997; Reisner et al. 1998). In 3D models with a large
number of grid cells, parameterizations need to be
fairly simple due to the significant computational cost
for runs of even modest length. Thus, a balance must be
achieved between the inclusion of detailed microphys-
ics and the associated cost increase. Bin schemes are
often not practical due to their computational expense;
bulk models therefore present a viable alternative for
many applications. For example, cloud-resolving simu-
lations using bulk microphysics were able to replicate
most features predicted with bin microphysics, but with
at least two orders of magnitude less model integration
time (Jiang et al. 2000).

Bulk microphysics schemes were initially developed
for mesoscale modeling (e.g., Lin et al. 1983; Rutledge
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and Hobbs 1983; Dudhia 1989) These schemes included
separate prognostic equations for the mixing ratios of
cloud liquid, ice, rain, and one or more solid precipita-
tion species (e.g., snow, graupel, hail) and included de-
tailed parameterization of precipitation and evapora-
tion/condensation processes. Bulk microphysics
schemes were subsequently implemented and tested in
climate models (e.g., Ghan and Easter 1992; Fowler et
al. 1996; Lohmann et al. 1999; Curry et al. 2000) and
have been widely used in cloud-resolving and large-
eddy models (e.g., McCumber et al. 1991; Kruger et al.
1995; Wu et al. 1998; Xu and Randall 1996; Jiang et al.
2000).

An improvement in the representation of the hy-
drometeor size spectra in bulk schemes has been the
prediction of two moments of the size distribution, that
is, number concentration and mixing ratio (e.g., Levkov
et al. 1992; Ferrier 1994; Harrington et al. 1995; Meyers
et al. 1997; Reisner et al. 1998; Girard and Curry 2001).
Predicting two moments of the size distribution in-
creases the degrees of freedom associated with the hy-
drometeor spectra, improving calculations of the micro-
physical processes and radiative transfer (Meyers et al.
1997). However, these schemes typically predict num-
ber concentrations of either the ice/precipitation spe-
cies (e.g., Ferrier 1994; Meyers et al. 1997) or the cloud
droplets (e.g., Ghan et al. 1997); few schemes predict
the number concentration of each species included in
the model. As discussed in Part II of this paper (Mor-
rison et al. 2005, hereafter Part IT), both droplet and ice
concentrations and sizes greatly impact the cloud mi-
crophysics and structure, particularly for mixed-phase
clouds. Furthermore, simulations of the anthropogenic
aerosol forcing of clouds should include a realistic treat-
ment of the number concentration of each phase. Most
studies have focused on aerosol modification of the
droplet population (e.g., Albrecht 1989; Coakley and
Walsh 2002; Ghan et al. 2001; Penner and Rotstayn
2001; Feingold et al. 2003), but aerosol-ice interactions
may also have a significant influence on ice and mixed-
phase clouds (DeMott et al. 1997, Lohmann et al. 2001;
Lohmann 2002).

To address these concerns, we have developed a new
bulk microphysics scheme predicting the mixing ratios
and number concentrations of droplets, cloud ice, rain,
and snow. Detailed, physically based treatments of ice
nucleation and droplet activation are incorporated al-
lowing for the simulation of cloud—aerosol interactions
in liquid, ice, and mixed-phase clouds. Two versions of
the scheme are presented: one for application in high-
resolution cloud models capable of resolving the super-
saturation field (referred to as the resolved version),
and the other for larger-scale models that generally
cannot resolve the supersaturation (nonresolved ver-
sion). New parameterizations are described in detail,
and a prognostic formulation for the resolved super-
saturation field is derived and tested. In Part II, the
nonresolved version of the scheme is implemented into
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a single-column model to simulate stratiform clouds ob-
served during the Surface Heat Budget of the Arctic
Ocean (SHEBA) field experiment.

2. Description of the microphysics
parameterization

The system of equations for the new microphysics
scheme contains kinetic equations for the mixing ratio,
g, and number concentration, N, of each hydrometeor
species in the model: cloud droplets, cloud ice, snow,
and rain (eight total equations). The hydrometeor sizes
are represented by gamma functions that are similar to
observed size distributions (e.g., Rogers and Yau 1989,
hereafter RY89; Pruppacher and Klett 1997, hereafter
PK97). The microphysical processes in the scheme (a
complete list is given in Table 1) represent the source/
sink terms for g and N in the kinetic equations. A box

TABLE 1. List of the microphysical processes; N and P indicate
change in number concentration and mixing ratio, respectively.

Process Description

NIN Ice nucleation from freezing of aerosol

NCN Droplet activation from aerosol

NIMU Ice multiplication

NRAU  Autoconversion of droplets to from rain
NSAU Autoconversion of ice to form snow

NRAC  Accretion of droplets by rain

NSAC Accretion of droplets by snow

NSAR Accretion of rain by snow

NSAI Accretion of cloud ice by snow

NIFT Heterogeneous freezing of droplets to form cloud ice
NSFT Heterogeneous freezing of rain to form snow
NIFM Heterogeneous freezing of droplets to form cloud ice
NSFM Heterogeneous freezing of rain to form snow
NRM Melting of snow to form rain

NCM Melting of cloud ice to form droplets

NCC Self-collection of droplets

NIC Self-collection of cloud ice

NSC Self-collection of snow

NRC Self-collection of rain

NIE Loss of N due to sublimation of cloud ice
NRE Loss of N due to evaporation of rain

NSE Loss of N due to sublimation of snow

PID Deposition/sublimation of cloud ice

PCD Condensation/evaporation of droplets

PRD Condensation/evaporation of rain

PSD Deposition/sublimation of snow

PRAU Autoconversion of droplets to form rain
PSAU Autoconversion of cloud ice to form snow
PRAC Accretion of droplets by rain

PSAC Accretion of droplets by snow

PSAR Accretion of rain by snow

PSAI Accretion of cloud ice by snow

PIFT Heterogeneous freezing of droplets to form cloud ice
PSFT Heterogeneous freezing of rain to form snow
PIFM Homogeneous freezing of droplets to form cloud ice
PSFM Homogeneous freezing of rain to form snow
PRM Melting of snow to form rain

PCM Melting of cloud ice to form droplets

PIN Ice nucleation from freezing of aerosol

PCN Droplet activation from aerosol

PIMU Ice multiplication
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Fi1G. 1. Box diagram of the microphysics scheme.

diagram (Fig. 1) shows the relationship between the
various water species and the microphysical processes
that transit water between them. In the general 3D
case, the kinetic equations for ¢ and N depend on space
variables x, y, and z and time, ¢; that is, ¢ = ¢q(x, y, z, 1)
and N = N(x, y, z, 1):
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where v is the 3D wind vector, V, and V, denote the
number- and mass-weighted terminal particle fall speed
for each species. Here we have included a turbulent
diffusion operator V, for models that parameterize
turbulent mixing. The first three terms of the right-
hand side of (1) and (2) involve spatial derivatives:
advection, sedimentation, and turbulent diffusion. The
remainder of the terms on the right-hand side of (1)
and (2) are the microphysical processes. The last six
terms in (1) are primary production (ice nucleation or
droplet activation), condensation/deposition (evapora-

tion/sublimation), autoconversion (parameterized
transfer of mass and number concentration from the
cloud ice and droplet classes to snow and rain due to
coalescence and diffusional growth), collection be-
tween hydrometeor species, melting/freezing, and ice
multiplication (transfer of mass from the snow class to
ice). The last seven terms in (2) are primary production,
evaporation/sublimation, autoconversion, self-collec-
tion, collection between hydrometeor species, melting/
freezing, and ice multiplication.

New parameterizations for prognostic supersatura-
tion, droplet activation, heterogeneous and homoge-
neous ice nucleation, and the spectral index (width) of
the droplet size distribution are developed in this paper
and described in the remainder of the section. Formu-
lations for hydrometeor collection (Beheng 1994; Pas-
sarelli 1978; PK97; Ikawa and Saito 1991; Murakami
1990), melting/freezing (Young 1974; Meyers et al.
1992; Rutledge and Hobbs 1984; Bigg 1953), autocon-
version (Harrington et al. 1995; Beheng 1994), and ice
multiplication (Hallet and Mossop 1974) are based
upon existing parameterizations and described in the
appendix.

a. Supersaturation

1) RESOLVED SUPERSATURATION

A realistic treatment of the supersaturation field is
needed in high-resolution cloud models that calculate
droplet activation using Kohler theory applied to a dis-
tribution of aerosol (e.g., Feingold et al. 1994; Stevens
et al. 1996; Khvorostyanov et al. 2001; Jiang et al. 2001).
In the general equation that includes all three water
phases (i.e., vapor, liquid, ice), the evolution of super-
saturation is controlled by vapor diffusion onto droplets
and ice, and adiabatic (vertical air motion) and diabatic
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(radiative) cooling. We derive an analytic approxima-
tion to the three-phase supersaturation equation that
predicts the supersaturation field needed for the re-
solved droplet activation scheme described in section
2b(2). This solution may also be useful for bin models
that calculate particle growth over a distribution of hy-
drometeors and thus require accurate treatment of the
supersaturation. The direct numerical simulation used
in some bin models to calculate supersaturation (e.g.,
Khvorostyanov 1995; Khvorostyanov et al. 2001) re-
quires a time step less than the phase relaxation time-
scale (<1-10 s for droplets) and is thus costly. The
approach presented here does not have time step con-
straints for stability.

The three-phase supersaturation equation (e.g.,
Khvorostyanov 1995) is derived by differentiating the
supersaturation (8 = ¢, — ¢, Where g, is the water
vapor mixing ratio and g, is the mixing ratio at water
saturation) with time accounting for condensation/
deposition onto the four hydrometeor classes included
in the model: cloud droplets (¢), cloud ice (i), rain (r),
and snow (s):

dS Q1 Q]
R S | -1 =1 -1 —1 =1
dr [TC R A )}8 0
dqe, | (0T gw
X1+ N~ a9 — g [(—) ——},
( 9 9 dT it Jrap €

3)

where T is the temperature, g is the gravitational ac-
celeration, ¢, is the specific heat of air at constant pres-
sure, ¢ is the ice saturation mixing ratio, (37/0t)g ap 1S
the radiative heating rate, 7is the phase relaxation time
associated with each hydrometeor species (Khvoro-
styanov 1995; Khvorostyanov and Curry 1999b,c;
Khvorostyanov et al. 2001), Q; = 1 + (dq./dT)(L/c,),
Q, =1 + (dqg/dT)(LJc,), and L, is the latent heat of
sublimation. The parameter = has been modified here
to include a size distribution integrated ventilation fac-
tor for falling particles (PK97):

fl ap 172
™= 12D CoNol (e + 2)| 555 + o

b+2p.+5 -1
ST <+> A(b+2pc+5)/2]} @

where f; and f, are ventilation coefficients given by
PK97, a and b are fall speed parameters [see (A4) in
appendix], D, is the diffusivity of water vapor in air, p
is the air density, u, is the dynamic viscosity of air, Sc is
the Schmidt number, I" is the Euler gamma function,
and N,, p., and A are the intercept parameter, spectral
index, and slope of the hydrometeor size distribution,
respectively [see (A1)-(A3) in appendix]. For cloud
particles (i.e., droplets and cloud ice), ventilation ef-
fects are neglected. Here, the parameter C, relates the
capacitance to the particle diameter or maximum di-
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mension (i.e., capacitance = C,D). Capacitance arises
from the analogy between the vapor diffusion equation
and electrostatics involving a potential field, and de-
scribes the ability of a surface to store charge as a func-
tion of its size and shape (RY89; PK97). In the present
version of the model, all hydrometeors are represented
by spheres, giving C, = 1. Future versions of the
scheme will take into account nonspherical ice particle
habits.

The first term in (3) represents the loss (increase) in
supersaturation due to condensation/deposition (evap-
oration/sublimation). The second term describes the
flux of vapor from droplets to crystals, that is, the Berg-
eron-Findeisen mechanism. The third and fourth terms
represent the generation (loss) of supersaturation due
to radiative transfer and vertical air motion. An ana-
lytic solution to (3) requires additional assumptions due
to the complex time dependence of 7, g, G, dqs./dT,
dqg/dT. If they are constant during the model time step,
then (3) gives a linear equation that yields the following
expression:

t
3(t) = Ax + (8, + Ax) eXp< - ;() (5)
where
0, _ _
A== 54 G~ 0
dqey ( (0T gw
Tar ((ELAD ) a)’ ©

and y is the general supersaturation relaxation time:

[ -1 -1 9 -1 -1 }1
x=\|7 +7 +—=—(@ +7,)| . (7)
0,

Here §, is the supersaturation at the beginning of
the time step. The term A includes the Bergeron—Fin-
deisen and Lagrangian supersaturation generation
(loss) terms.

The condensation/deposition (evaporation/sublima-
tion) rate averaged over the model time step (Af) for
cloud droplets (PCD) and cloud ice (PID) is given by

Ax X8, — Ax) At

PCD = ) — A exp X -1, (©®
Ax + Go — 4 8, — A

PID = AX T s = 45 X(8 — AX)

T; T, At

« exp[(%) - 1]. ©)

Condensation/evaporation of rain (PRD) is given by
(8) with 7, replaced by ,. Deposition/sublimation of
snow (PSD) is given by (9) with 7, replaced by .
The condensation and deposition rates and super-
saturation provided by the semianalytic approach do
not vary by more than ~10% (with errors generally less
than a few percent) from direct numerical simulation
(second-order Runga-Kutta with a 0.01-s sub-time
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step) using a time step between 5 and 300 s under a
range of natural conditions, except in strongly nonequi-
librium situations when the change in cloud water mix-
ing ratio is large relative to the mixing ratio itself (error
can exceed 50% if the time step is long, i.e., >3 min).
However, strongly nonequilibrium conditions occur
only briefly during formation and dissipation of the
cloud, so that the overall error during the lifetime of the
cloud is small. Furthermore, the time step should be
small enough (less than tens of seconds) during cloud
formation to resolve the maximum supersaturation as
droplets activate [see section 2b(1)]. An advantage in
using the semianalytic approach is that the solution is
stable using a time step longer than the phase relax-
ation time scale; in the direct simulation, the time step
must be less than the relaxation time scale for stability.

2) NONRESOLVED SUPERSATURATION

In large-scale model runs with a long time step, su-
persaturation is generally not resolved. Zero supersatu-
ration is often assumed and the quasi-steady, saturation
adjustment method (i.e., excess vapor is instanta-
neously converted to condensate) is used to calculate
condensation rates. This approach is physically reason-
able because the ratio of excess vapor (supersaturation)
to droplet condensate is typically small due to short
droplet phase relaxation time. However, phase relax-
ation associated with ice hydrometeors is typically
much longer (>30 min). In a cooling air parcel, this can
result in significant excess vapor density beyond ice
saturation as is often observed (e.g., Heymsfield and
Miloshevich 1995). Correspondingly, the amount of
condensed ice relative to excess vapor may be quite
small (e.g., Khvorostyanov et al. 2001; Khvorostyanov
et al. 2005, hereafter KO05). Therefore, the saturation
adjustment approach is generally not appropriate for
ice hydrometeors.

Taking into account these considerations, the nonre-
solved version of the scheme utilizes the saturation ad-
justment approach for cloud liquid water and the non-
steady, vapor diffusion approach for the other species
(cloud ice, rain, snow) as is done in other bulk schemes
(e.g., Ferrier 1994; Reisner et al. 1998). Droplet con-
densation is determined as follows (Dudhia 1989):
Temperature, water vapor mixing ratio, and cloud wa-
ter mixing ratio are forecast at the advanced time step
(designated as T, q,, q.) after all of the other physical
processes have been calculated (including the micro-
physics). The supersaturation at the advanced time &’ is
determined from ¢, and 7'. The condensation rate is
then given by

& Lagl, \ 7!
PCD = — [ 1+ =5 )

At cPrUT'2 1o

if 8 > 0. If 8 < 0, then evaporation of cloud water is
given by
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PCD o I N ST "

= —min Al + CPVUT’2 N ( )

Deposition/sublimation of cloud ice and snow is given
by vapor diffusion (PK97):

%

PID, PSD 0,7 (@sw — 4si)s
where O, and 7 are defined in section 2a(1). This for-
mulation allows excess vapor with respect to ice satu-
ration. For evaporation of rain (PRD), the factor (g,
— q4) in (12) is removed, and Q, is replaced with 1 +
(dq/dT)(L,/c,). Note that condensation of rain is not
allowed.

(12)

b. Droplet activation

According to Kohler theory, activation of droplets
occurs on deliquesced soluble or partially soluble aero-
sols of a given size when a critical supersaturation is
reached (e.g., RY89; PK97). In the model, dry aerosol is
described by the Junge (1952) size distribution

Fulrp) = No(w = Driyia 1", (13)
where rp, is the dry aerosol radius, N, is the total num-
ber concentration, r,,;, is the radius of the smallest dry
aerosol particle, and u is the slope of the dry aerosol
size distribution. The parameter r,,;, provides a non-
zero modal value for aerosol size spectrum, thereby
preventing an unbounded number concentration at
zero radius. The number of aerosol activated at a given
supersaturation ratio § = (¢q,/q.w—1) X 100% is calcu-
lated following Khvorostyanov and Curry (1999a):

N’ = min(C;S*, N,), (14)
where
C,= 1072k2N er%(lb")R (15)
T k a’ min 4B3
and
k=T;;. (16)

Values of b, and B depend on the composition of the
aerosol [see Khvorostyanov and Curry (1999a)], B is
the Kelvin parameter, and
pw—1

21+ B)°
The activity spectrum of (14) has the form of the
Twomey (1959) law. Equations (14)—(17) relate the
Twomey expression to the aerosol number, size, and
composition. The number nucleated is naturally
bounded by the total aerosol concentration, which is
important at high updraft velocity or low aerosol num-
ber (Abdul-Razzak et al. 1998). Observations (e.g.,
Hudson 1984) and numerical calculations (e.g., Fein-
gold et al. 1994) have shown that k itself is a function of
S. This variation of k may be interpreted in the context

R (17)
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of different mechanisms of aerosol formation leading to
different slopes w as a function of the aerosol radius
(Khvorostyanov and Curry 1999a). Thus, a potential
improvement in the representation of the aerosol size
spectrum is to superimpose several spectra with differ-
ing values of C, and k. We also acknowledge that this
simple formulation does not account for chemical ef-
fects such as slightly soluble species and surfactants that
can influence droplet activation (e.g., Nenes et al.
2002).

1) RESOLVED DROPLET ACTIVATION

In detailed cloud models with a time step on the
order of tens of seconds or less and a grid spacing small
enough to resolve processes that drive local cooling
(e.g., vertical velocity), rapid changes in supersatura-
tion are resolved and hence droplet activation may be
explicitly calculated as a function of the aerosol prop-
erties and S following (14). This allows for a rigorous
treatment of droplet nucleation needed for detailed
simulation of cloud-aerosol interactions. To calculate
the droplet activation rate, the maximum value of su-
persaturation ratio during the time step S,,,, is deter-
mined from the resolved prognostic supersaturation
[section 2a(1)]. The potential number of activated aero-
sol N' is calculated using S, for S in (14). The actual
activation rate is determined by differencing the con-
centration of existing droplets (an estimate of the num-
ber of aerosols already activated) from N’ similar to the
methods of Stevens et al. (1996), Jiang et al. (2001), and
others:

N' — N,
NCN = max(—(' ,O). (18)
At

The change in cloud water mixing ratio due to droplet
activation is given by QCN = NCN X m_,, where m_, is
the average mass of a newly activated droplet. It is
assumed upon activation that droplets are described by
the gamma size distribution.

Since prognostic aerosol is not considered in the
present version of the scheme, changes in the aerosol
size and chemical composition due to cloud-aerosol in-
teractions are neglected. As pointed out by Feingold et
al. (1999), these variations may have significant impact
on the number of droplets activated under certain cir-
cumstances. Note also that kinetic effects on droplet
growth were neglected in section 2a(1). Kinetic effects
can influence the early growth of droplets and thus the
activation rate depending on the condensation and
thermal coefficients, and vapor and thermal jump
lengths (Abdul-Razzak et al. 1998). For example, if the
condensation coefficient is < 1, inclusion of kinetic ef-
fects may lead to slower droplet growth and thus larger
values of S, and number concentration. We note that
experimental values of the condensation and thermal
coefficients are widely scattered between ~0.006 and 1
(PK97).
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2) NONRESOLVED DROPLET ACTIVATION

In large-scale models with a time step longer than the
time scale over which droplet activation occurs, that is,
longer than tens of seconds (Abdul-Razzak and Ghan
2000), Sy, and thus activation cannot resolved. In this
case, a parameterization for droplet activation must be
based on numerical simulations of a cooling parcel.
Furthermore, in large-scale models that are unable to
resolve local cooling rates due to vertical motion, a
parameterization for subgrid vertical velocity is needed
since local cooling rates determine activation. Failure
to account for subgrid vertical velocity may lead to se-
rious underprediction of the number of droplets acti-
vated in large-scale models (Ghan et al. 1997; Part II).

A simple formulation is given below describing drop-
let activation with account for subgrid vertical velocity.
For an activity spectrum of the form (14) consistent
with the Twomey formulation, the potential number of
droplets activated is given by (RY89)

N’ = min(0.88CZ**2(0.07w2***2 N ), (19)

where N' is in cm ® and w,, is the effective vertical
velocity in cm s~ '. Here we employ an effective vertical
velocity that takes into account diabatic heating due to
radiative transfer (Khvorostyanov and Curry 1999b):

¢, oT
W =w+w ——|— s
8 \ 9t /JraD

where w' is the characteristic subgrid-scale vertical ve-
locity. Here, w corresponds with the large-scale (i.e.,
grid scale) value of vertical velocity.

The parameter N’ represents the potential number of
activated droplets; the actual number nucleated de-
pends upon the existing number of cloud droplets:
NCN = max( 2 g
= max| —+—.0 .

(20)

21)

The factor of 2 accounts for the fact that both upward
and downward subgrid vertical velocities are present in
a grid cell, while activation only occurs in updrafts
(Ghan et al. 1997).

This formulation implicitly assumes that aerosols are
always available for nucleation at a given w,,. Since the
scheme assumes evaporation depletes number concen-
tration only upon complete evaporation of the mixing
ratio, negative subgrid vertical velocities do not cause a
reduction in cloud number except indirectly through
vertical mixing of droplets outside of the cloud. There-
fore, only positive values of subgrid vertical velocity are
assumed to influence droplet activation directly. The
subgrid vertical velocity is parameterized in terms of a
characteristic vertical velocity associated with turbulent
mixing. We note that other processes can produce sub-
grid vertical motion (e.g., orography, gravity waves) but
only consider turbulence here. As discussed by Ghan et
al. (1997), the subgrid vertical velocity can either be
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diagnosed from the turbulence kinetic energy if pre-
dicted or related to the vertical eddy diffusivity K.

A simple formulation for subgrid vertical velocity in
terms of K is derived as follows: Assume a parcel is
displaced from a reference level to z' with velocity w’
(hereafter, prime denotes fluctuations, overbar is
mean). If Cis any scalar quantity, there is no mixing or
other changes in C within a parcel, and the profile of C
is linear, then the value of C at z’ differs from its en-
vironment by C’, where

C/_ 86 !
= 0z Z.

If the turbulence is characterized by a particular such
that |w'| = |w'|, |C'| = |C'|, and |z'| =~ m,, where m, is
the mixing length, then C' may be expressed in terms of
K through first-order closure

(22)

'C = —K< > " 23

w 9z ) = we (23)
Combining (22) and (23) yields

' 24

W'~ - (24)

This formulation for w' is similar to the standard de-
viation of vertical velocity derived by Ghan et al. (1997)
(they have an additional factor of \/2 corresponding
to a Gaussian distribution of vertical velocities). Here,
however, w' is not strictly a function of the model ver-
tical resolution but rather the mixing length. Nonethe-
less, it indirectly depends on the resolution; if the ver-
tical resolution is coarse, gradients of potential tem-
perature and wind shear will be poorly resolved leading
to underprediction of w'. Thus, a lower bound for w' of
10 cm s~ is specified as in Ghan et al. (1997). Simula-
tions of droplet number concentration discussed in Part
IT exhibit only a small sensitivity to changes in the ver-
tical resolution using this formulation.

Since this simple formulation uses a single value of w'
to calculate droplet activation at each level in a grid
cell, biases may occur since the subgrid vertical velocity
in a grid cell is in reality characterized by some distri-
bution and the relationship of N’ to w’ given by (19) is
generally nonlinear. On the other hand, numerical in-
tegration of (19) using a distribution of w’ is computa-
tionally costly and the actual distribution of w’ in the
atmosphere is uncertain. Further study is needed to
better characterize the role of a distribution of w' in
parameterizing droplet activation.

c¢. Homogeneous and heterogeneous ice nucleation

At temperatures warmer than approximately —35°C,
ice particles form via heterogeneous nucleation on in-
soluble ice nuclei (IN). Because of its importance, het-
erogeneous nucleation has been studied extensively in
the laboratory and field (e.g., Vali 1974; Deshler 1982;
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Cooper 1986; Rogers 1982; Meyers et al. 1992; PK97).
Empirical dependencies of IN concentration as a func-
tion of temperature or ice supersaturation have been
suggested (e.g., Fletcher 1962; Cooper 1986; Meyers et
al. 1992). Classical theory includes equations for the
critical energy and radius of an ice germ to determine
the nucleation rate per unit area of insoluble substrate.
Khvorostyanov and Curry (2000, hereafter KC00) ex-
tended this theory to derive expressions for heteroge-
neous nucleation as a function of 7" and § with account
for misfit strain. A major premise of this theory, similar
to DeMott et al. (1997, 1999), is that internally mixed
aerosol (i.e., particles containing both soluble and in-
soluble components) that serve as cloud condensation
nuclei (CCN) may also serve as IN, but, as opposed to
droplet activation, the insoluble fraction determines the
activity of the nucleus. This formulation establishes a
link between the temperature and humidity depen-
dence and the aerosol physical and chemical character-
istics.

Parcel simulations using the KC00 formulations were
performed by Khvorostyanov and Curry (2005) and
yielded reasonable values of N; over a wide range of
parameters. Significantly, the KCO00 scheme produces
realistic values of crystal concentration at cold tempera-
tures (<243 K) and can therefore be used to simulate
heterogeneous ice formation in a wide range of cloud
types. The commonly used Fletcher (1962) and Meyers
et al. (1992) empirical parameterizations have often
been arbitrarily modified at cold temperatures to avoid
unrealistically large values of N, (e.g., Reisner et al.
1998; Morrison et al. 2003).

In the model, heterogeneous nucleation on aerosol is
assumed to occur by condensation freezing of deli-
quesced, internally mixed particles consisting of an in-
soluble nucleus surrounded by soluble material. The
probability of condensation freezing of a particle with a
radius of the insoluble portion of the aerosol, ry, is
expressed as

Pep =1 = exp(—Jcr(rn)A0). (25)

For the internally mixed particles described above, ry is
related to rp, by ry = rp(1 — Q,)"2, where Q, is the
volume soluble fraction of the aerosol. The term Jq is
the rate of germ formation through condensation freez-
ing (PK97):

AFaCt
kT

AF,, -

where k and & are Boltzmann’s and Planck’s constants,
{ is a preexponential factor incorporating the Zeldo-
vich factor, the number of molecules in contact per unit
area of ice germ, and the ice cap surface area, AF, is
the activation energy at the solution—ice interface, AF,_,
is the critical energy of germ formation, and c;, = 10"
cm 7 is the concentration of water molecules adsorbed
on 1 cm 2 of a surface. The preexponential factor is

kT
Jer(ry) = n 'l’cls477”12v expl\ —
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simplified by assuming ¢ ~ 1 (PK97). Expressions for
AF,. and AF_, as a function of ry, T, S, and the sub-
strate parameters (e.g., misfit strain parameter, wetta-
bility coefficient, and relative area of active sites) are
detailed in KCO00.

At cold temperatures (less than —40°C), homoge-
neous freezing of submicron haze particles may be the
dominant mode of ice formation (e.g., Sassen and Dodd
1989; Jensen et al. 1998). Khvorostyanov and Sassen
(1998) express the critical energy and radius of an ice
germ during homogeneous nucleation as a function of T
and S. The nucleation rate expression is an extension of
classical homogeneous nucleation theory for the three-
phase (solution, ice, vapor) system. Homogeneous
freezing occurs in either soluble or internally mixed
particles. The probability of homogeneous freezing of a
wet aerosol particle is expressed as

4 5 5
Pyp=1—exp _JHF(rw)?(”IV — At |, (27)

where the rate of germ formation per volume of solu-
tion, Jy, is calculated following Khvorostyanov and
Sassen (1998), and r,,(rp) is the radius of the hygro-
scopically grown aerosol with account for curvature and
solute effects following Khvorostyanov and Curry
(1999a).

The total probability of a particular particle freezing is

Pt = Pcp + Pur — PcpPurs (28)

based on the probability of freezing through either of
the two mutually independent mechanisms operating
simultaneously on the particle, limiting the total prob-
ability to unity. However, in most instances homoge-
neous and heterogeneous freezing would not be ex-
pected to act together since the humidity threshold for
the onset of nucleation generally differs between the
two mechanisms (KO05).

The rate of ice nucleation associated with the poly-
dispersed aerosol size distribution is given by

NIN = E fa(rD)Ptot er’

"min

(29)

where f,(rp) is the dry aerosol size distribution given by
(13), and r,,,, is the radius of the largest aerosol. The
change in mixing ratio due to homogeneous and het-
erogeneous freezing of aerosol is given by PIN = NIN
X m;,, where m,, is the average mass of the nucleated
crystal.

The loss of aerosol due to ice nucleation is not con-
sidered since S decreases rapidly after nucleation (by
depositional growth onto the newly formed crystals),
limiting the number of aerosol nucleation to a small
fraction of the total aerosol (Khvorostyanov and Curry
2005). Note that this formulation assumes that changes
in § associated with ice nucleation and crystal growth
are resolved. A characteristic time scale for ice nucle-
ation remains uncertain, although modeling evidence
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suggests that it may be as short as a few seconds in some
conditions (K05). These processes will not be tempo-
rally resolved in many applications potentially leading
to an overprediction of the crystal concentration. Sub-
grid vertical velocity due to gravity waves (e.g., Jensen
et al. 2005) or turbulence (K05) may also be important
in nucleating ice in large-scale models. These issues will
be considered in future parameterization development.

Owing to the complex time dependence of P, on rp,
(29) must be numerically integrated over the aerosol
size distribution. To increase the computational effi-
ciency, a 2D lookup table is used to determine NIN as
a function of T and S for the assumed aerosol proper-
ties. The major drawback to this approach is that a new
lookup table must be created if the aerosol parameters
are modified; the dimensionality of the table would be
far too large otherwise.

Nucleation directly from vapor (i.e., deposition
nucleation) has not been included in the present for-
mulation. In Part II, we assume that the aerosols have
a sulfate coating that inhibits deposition nucleation,
consistent with observations of the chemical composi-
tion of arctic aerosols (Borys 1989). This parameteriza-
tion could be modified to account for deposition nucle-
ation following KCO0O0.

d. Droplet size distribution index

The index of the droplet size distribution determines
the spectral dispersion, and is therefore important in
calculating numerous microphysical processes that de-
pend upon droplet size. For example, narrowing of the
size spectra will tend to inhibit coalescence and freezing
of the droplets (Khvorostyanov and Curry 1999c¢). Bulk
microphysics parameterizations typically specify a con-
stant value of p. or spectral dispersion (e.g., Ferrier
1994; Girard and Curry 2001) or assume a monodis-
perse droplet population (e.g., Reisner et al. 1998).
Observations (e.g., Curry 1986) show that the spec-
tral dispersion varies substantially within the cloud.
Khvorostyanov and Curry (1999b,c) derive a simple ex-
pression for the index of the droplet size distribution as
a function of several cloud and thermodynamic param-
eters using an analytic solution to the general kinetic
equation describing stochastic condensation:

w  Lg. 30
Pe K (g = v¢,)’ (30
where w is the vertical velocity and K is the turbulent
diffusion coefficient. The term w corresponds with the
cooling rate and therefore should include subgrid ver-
tical velocity, since values of p. corresponding to the
local size spectra determine the microphysical pro-
cesses. If the local vertical velocity is characterized by
turbulent mixing, then w = K/m; using first-order clo-
sure as discussed in section 2b(2) (m; is the mixing
length). Thus, an approximation to (30) is
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1 Lg.

Ty (g - YsCp)

Pe (GD)
For a mixing length of 30 m following Williamson et al.
(1987), values of p. are calculated and compared with
observations of arctic stratus (Curry 1986) in Table 2.
Values of p, calculated from (31) are somewhat smaller
than observed; however, given uncertainty in values of
m,, the parameterization reasonably captures the verti-
cal trend evident in the observations. The largest dif-
ferences occur near cloud top. However, the observed
spectra at cloud top are significantly influenced by en-
trainment and longwave radiative cooling (Curry 1986),
which are neglected in the formulation of p.. An ex-
pression similar to (31) for the cloud ice spectral dis-
persion will be developed for future versions of the
scheme.

3. Summary and conclusions

A new four-class double-moment bulk microphysics
scheme has been described. Prognostic equations in-
clude the mixing ratios and number concentrations of
cloud droplets, cloud ice, rain, and snow. New, physi-
cally based parameterizations have been developed to
simulate homogeneous and heterogeneous ice nucle-
ation, droplet activation, and the dispersion of the
droplet size distribution. Two versions of the scheme
were described: one for large-scale models with lower
spatial and temporal resolution and the other for
higher-resolution applications. The two versions differ
in their treatment of the supersaturation field and drop-
let activation.

For high-resolution models capable of resolving the
maximum supersaturation, droplet activation is calcu-
lated from Kohler theory applied to a distribution of
aerosol. This provides a detailed, physically based treat-
ment of droplet activation for studying cloud-aerosol
interactions (e.g., Feingold et al. 1994; Jiang et al. 2001).
To account for the resolved supersaturation, a new pa-
rameterization was described based upon a semiana-
lytic approximation to the three-phase (ice, vapor, lig-
uid) supersaturation equation. This parameterization

TABLE 2. Observed (Curry 1986) and predicted values of the
droplet spectral index, p,, for observed cloud and thermodynamic
conditions.

Height q. Observed  Predicted
Date (m) (gkg™") Pe Pe
20 Jun 1980 289 (top) 0.02 5.6 0.5
241 0.34 10.1 8.7
183 0.28 9.4 7.1
91 0.16 6.7 4.1
28 Jun 1980 1082 (top) 0.03 5.9 0.5
940 0.27 8.2 6.0
819 0.09 53 2.0
696 (base) 0.02 2.8 0.5
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does not have time step requirements for stability as in
the direct numerical simulation.

For large-scale models typically run with a longer
time step (~1 min or more), supersaturation cannot be
resolved; thus, droplet activation is calculated using a
simple parameterization that accounts for turbulence-
generated subgrid vertical velocity. The quasi-steady
saturation adjustment approach is used to predict drop-
let condensation that assumes zero residual supersatu-
ration. However, evaporation/deposition onto the other
water species (snow, rain, cloud ice) is calculated using
nonsteady vapor diffusion. This formulation allows ex-
cess supersaturation with respect to ice.

The new scheme provides a detailed treatment of the
microphysics for cloud and climate models at a reason-
able computational cost (see Part II for detailed discus-
sion of the cost). It can be utilized in process-oriented
studies ranging in scales from global to regional to local
depending upon the application. Since both versions of
the scheme use grid-scale values of relative humidity to
calculate the microphysics, the ability of the scheme to
simulate various cloud types will depend upon the abil-
ity of the model to resolve the processes leading to
cloud formation. This means that the scheme can pre-
dict grid-scale, generally stratiform clouds in large-scale
models and convective or stratiform clouds in high-
resolution models, assuming that convection can be ex-
plicitly resolved. Since the scheme incorporates close
coupling between aerosol and cloud microphysics for
liquid, ice, and mixed-phase clouds, it may be particu-
larly useful for studying the influence of anthropogenic
aerosol on clouds and radiation. After rigorous evalu-
ation of the scheme’s performance, it can be coupled to
an aerosol microphysics model to provide a more de-
tailed treatment of cloud-aerosol interactions and feed-
backs. The new formulations presented here may also
be applicable to bin-resolving microphysics schemes,
namely, the treatments of ice nucleation, droplet acti-
vation, and prognostic supersaturation. The resolved
version of the scheme is appropriate for large-eddy
(LES) and cloud-resolving (CRM) models typically run
at high spatial (<1 km) and temporal (<10 s) resolu-
tion. For large-scale climate models run with a longer
time step, the nonresolved approach can be utilized.
Modifications to the scheme could further improve its
efficiency. For example, a variable time step could be
incorporated so that the scheme uses a longer time step
to calculate the microphysical processes except during
droplet activation when a small time step is needed to
resolve the maximum supersaturation.

Future work will improve the parameterization of
several microphysical processes. Modeling of the ice
phase remains particularly uncertain; for example,
there are several assumptions inherent in the represen-
tation of the ice particle size spectrum, bulk density,
and habit. Additional field measurements may help to
reduce uncertainty in these parameters that vary widely
depending upon local conditions (RY89; PK97). Bin-
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resolving simulations can also be used to better char-
acterize the ice particle size distribution, which is im-
portant in predicting ice water content and number
concentration (K05). Comparisons of the predicted mi-
crophysics using the new scheme with bin model results
may be particularly useful for testing the scheme since
ice microphysics parameters (e.g., mean particle size,
crystal concentration) are often difficult to measure.
The inclusion of graupel and/or hail microphysics (e.g.,
Rutledge and Hobbs 1984; Lin et al. 1983; Ferrier 1994;
Meyers et al. 1997; Reisner et al. 1998) can improve the
representation of ice-phase processes but also increases
the complexity and cost. The addition of graupel mi-
crophysics to the scheme is described and tested in Part
II. Another area of uncertainty is the impact of aerosol
chemistry and composition on heterogeneous ice and
droplet nucleation. For example, the presence of
slightly soluble species, surfactants, and soluble gases
can affect droplet activation (e.g., Charlson et al. 2001;
Nenes et al. 2002). The relative area of active sites,
wettability, and misfit strain parameter associated with
the freezing mode on an insoluble substrate are gener-
ally not known a priori and can impact the ability of the
aerosol to nucleate ice (PK97; KC00). Additional work
will focus on improving these parameterizations by in-
corporating laboratory measurements and detailed nu-
merical simulations (e.g., Nenes et al. 2001).
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APPENDIX

Description of the Microphysical Processes

Each hydrometeor class is represented by a gamma
size distribution of the form

fD) = ND"e ™, (A1)

where D is the diameter and p,., N,, and A are the
spectral index, intercept, and slope, respectively. Val-
ues of p. for droplets are a function of the cloud and
thermodynamic properties (section 2d). At present, p.
is specified for cloud ice, rain, and snow. Expressions
for A and N, are given by

eNT(p, + d + 1)
A:[ Tp.+ 1) ] :
NAPC+1
No =t 1)

where m = c¢D s the assumed mass—diameter relation-
ship. Occasionally, imbalances between the mass and
number concentration can produce unrealistic values of
A. These imbalances may occur as a result of differential
errors in advecting g and N; these errors can be reduced
by incorporating shape-preserving advection schemes
(e.g., Smolarkiewicz 1983; Rasch and Williamson 1990).

(A2)

(A3)
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Upper and lower bounds for A are specified so that the
mean particle diameter cannot exceed 30 um or de-
crease below 0.1 um for droplets, 250 and 0.1 wm for
cloud ice, 1000 and 5 pum for rain, and 2000 and 5 um
for snow. The parameter A is prevented from exceeding
these bounds by appropriately adjusting the number
concentration.

Terminal particle fall velocities are assumed to have
the form

VAD) = (pgy/paD’, (A4)

where py,, is the air density at sea level. Fall speeds for
snow are given by the empirical relationships of Loca-
telli and Hobbs (1974) as a function of habit. For rain,
a = 841.996 67 m'~" and b = 0.8 following Liu and
Orville (1969). For cloud droplets and cloud ice, a = 3
X 10" m'" P and b =2anda =700 m'" ” and b = 1,
respectively (Ikawa and Saito 1991). Future versions
of the scheme will incorporate expressions for the
terminal fall velocities using power laws with continu-
ous parameters over the size distributions following
Khvorostyanov and Curry (2002) and Mitchell and
Heymsfield (2005).

The increase in N; due to rime splintering is a func-
tion of the liquid mass (rain and droplets) collected by
snow (Hallet and Mossop 1974). Rime splintering is
allowed in the temperature range 265.16 < T < 270.16
K. The splintering of rime to form ice crystals also re-
sults in a transfer of mass from the snow class to the
cloud ice class calculated by assuming splintered crys-
tals have a diameter of 10 pum.

Autoconversion represents the transfer of N and g
from the droplet class to rain and cloud ice to snow due
to growth by vapor diffusion and coalescence. The au-
toconversion of cloud droplets to rain is given by nu-
merical simulations of droplet growth using stochastic
collection (Beheng 1994). Since small crystals grow pri-
marily by water vapor diffusion in many conditions
(PK97), the autoconversion of cloud ice to snow is pa-
rameterized in terms of the vapor diffusion growth rate
similar to Harrington et al. (1995):

dD
NSAU = —

dt D=Dbf(Db)’ (A
B 1dD
PSAU = ;E D:th(Db)m(Db)a (A6)

where dD/dt is the crystal growth rate (following from
section 2a), f'is size distribution, m is the particle mass,
and D, = 125 um (Harrington et al. 1995) is the thresh-
old diameter delineating cloud ice from snow.

The self-collection (coalescence) of cloud droplets
and rain is parameterized following Beheng (1994)
based on numerical simulations of stochastic collection.
The self-collection (aggregation) of cloud ice and snow
follows from Murakami (1990) and Passarelli (1978),
respectively. Collection between hydrometeor species



JUNE 2005

is parameterized by integrating the continuous collec-
tion equation (e.g., RY89; PK97) over the particle size
distributions. Since experimental and theoretical evi-
dence suggests that riming does not occur on ice par-
ticles smaller than ~50-150 wm depending on habit
(PK97), collection of droplets by cloud ice is neglected.
The accretion of cloud droplets by snow and rain is
calculated using a simple gravitational collection kernel
with fall speeds given by (A4); droplets are assumed to
have a negligible fall speed in these calculations. Simi-
larly, for collection of cloud ice by snow, fall speeds of
ice are assumed to be negligible. The accretion of rain
by snow is calculated following Tkawa and Saito (1991).
Collisions between rain and cloud ice are neglected for
simplicity. Rain and droplets are assumed to freeze in-
stantaneously upon collision at temperatures below
freezing. Collisions between liquid and ice species and
between droplets and rain have a collection efficiency
of 1, while collisions between ice species (including self-
collection) have a collection efficiency of 0.1 following
Reisner et al. (1998).

The heterogeneous freezing of cloud droplets and
rain is assumed to occur through immersion and contact
freezing (e.g., Lohmann et al. 2001). The formulation of
immersion freezing follows from Bigg (1953). The for-
mulation for contact freezing is based on a flux of con-
tact IN to the drops due to Brownian motion, diffusio-
phoresis, and thermophoresis, with an effective diffu-
sion coefficient given by Young (1974). The number of
contact nuclei is given by Cooper (1986). Immersion
freezing dominates at T = —25° to —15°C, while con-
tact freezing is more important at warmer temperatures
depending on drop size (freezing rates are a function of
drop radius and volume for contact and immersion
freezing, respectively). The freezing rates are inte-
grated over the rain and droplet size distributions.
Freezing of droplets and rain is allowed at 7 < —4°C.
The freezing of cloud droplets is a function of tempera-
ture and droplet size based on observations of mixed-
phase stratus described by Rangno and Hobbs (2001).
The droplet effective radius must be =12 um to initiate
contact and immersion freezing of cloud droplets at
—10° < T < —4°C. At T < —10°C, contact freezing is
allowed for all droplet sizes while droplet effective ra-
dius must be =10 wm to initiate immersion freezing.
Future versions of the scheme will incorporate more
sophisticated formulations for heterogeneous droplet
freezing allowing for cloud—aerosol interaction similar
to the parameterization of condensation freezing of
aerosol described in section 2c.

As a distribution of hydrometeors evaporates/subli-
mates, the smallest particles will completely dissociate
into vapor. Failure to account for this loss may lead to
unrealistically large number concentrations during
evaporation or sublimation. Nonetheless, number con-
centration is assumed to be constant during evapora-
tion of droplets following Ghan et al. (1997); simula-
tions following Part II indicate that this assumption has
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little impact since the droplet mixing ratio approaches
zero quickly when conditions become subsaturated. For
rain, snow, and cloud ice, the relative loss of number
concentration is assumed to be equal to the relative loss
of mixing ratio, so that A remains constant during
evaporation or sublimation.

Homogeneous freezing of cloud water and rain oc-
curs instantaneously at temperatures below —40°C.
Cloud ice is assumed to instantaneously melt at tem-
peratures above 0°C. In water subsaturated conditions,
melting cloud ice is assumed to evaporate instanta-
neously; in conditions of supersaturation, cloud ice
melts to form droplets. Snow may persist above 0°C.
The melting of snow to form rain and evaporation of
melting snow in subsaturated conditions are calculated
following Rutledge and Hobbs (1984).
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